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Abstract—Laboratory experiments on reagent-grade calcium carbonate and carbonate rich glacial sediments
demonstrate previously unreported kinetic fractionation of carbon isotopes during the initial hydrolysis and
early stages of carbonate dissolution driven by atmospheric CO2. There is preferential dissolution of Ca12CO3
during hydrolysis, resulting in ␦13C-DIC values that are significantly lighter isotopically than the bulk
carbonate. The fractionation factor for this kinetic isotopic effect is defined as carb. carb is greater on average
for glacial sediments (⫺17.4‰) than for calcium carbonate (⫺7.8‰) for the ⬍ 63 m size fraction, a
sediment concentration of 5 g L⫺1 and closed system conditions at 5°C. This difference is most likely due to
the preferential dissolution of highly reactive ultra-fine particles with damaged surfaces that are common in
subglacial sediments. The kinetic isotopic fractionation has a greater impact on ␦13C-DIC at higher CaCO3:
water ratios and is significant during at least the first 6 h of carbonate dissolution driven by atmospheric CO2
at sediment concentrations of 5 g L⫺1. Atmospheric CO2 dissolving into solution following carbonate
hydrolysis does not exhibit any significant equilibrium isotopic fractionation for at least ⬃ 6 h after the start
of the experiment at 5°C. This is considerably longer than previously reported in the literature. Thus, kinetic
fractionation processes will likely dominate the ␦13C-DIC signal in natural environments where rock:water
contact times are short ⬍6 –24 h (e.g., glacial systems, headwaters in fluvial catchments) and there is an excess
of carbonate in the sediments. It will be difficult apply conventional isotope mass balance techniques in these
types of environment to identify microbial CO2 signatures in DIC from ␦13C-DIC data. Copyright © 2004
Elsevier Ltd
Switzerland, suggests that parts of the glacier bed become
anoxic, and that there is little ingress of atmospheric gases in
water-filled subglacial environments (Bottrell and Tranter,
2002). If this is the case, the major source of dissolved inorganic carbon (DIC) in glacial runoff is the bedrock, from
carbonates and the microbial respiration of organic carbon.
Microbial populations have been found in association with
subglacial sediments from two Swiss glaciers (Sharp et al.,
1999) and microbial oxidation of organic C at 0.3°C has been
demonstrated using subglacial sediments from John Evans Glacier, Ellesmere Island (Skidmore et al., 2000).
␦13C-DIC in runoff has been utilized to determine the relative
magnitude of microbial (soil) and atmospheric CO2 sources in
unglaciated catchments (Amiotte-Suchet et al., 1999; Telmer and
Veizer, 1999). The main potential sources of DIC in glacial runoff
(carbonate minerals, atmospheric CO2 and CO2 from the microbial oxidation of organic carbon) usually have significantly different ␦13C values (Faure, 1986). Hence, ␦13C-DIC of glacial runoff
has the potential to quantify the contribution of CO2 from the
various sources. Confounding factors include the nonstoichiometric or selective dissolution of carbonates (Fairchild and Killawee,
1995), resulting in ␦13C-DIC values that are not representative of
the bulk carbonate. To date, the effects of kinetic processes on
␦13C-DIC during the early phases of carbonate dissolution have
not been reported in the literature.
A series of free drift weathering experiments were conducted to
investigate whether kinetic fractionation of carbon isotopes occurs
during carbonate hydrolysis and/or carbonate dissolution driven
by atmospheric CO2. These experiments were designed to simulate (sub)glacial chemical weathering under in situ conditions,

1. INTRODUCTION

Rates of chemical weathering in glaciated catchments are
comparable to those in nonglacial catchments with similar
specific runoff (Anderson et al., 1997). The abundant supply of
freshly comminuted, silt-sized sediment apparently compensates for the low temperatures and the limited contact times
between water and sediment during the summer melt season.
The main geochemical weathering reactions in glacial environments appear to be largely independent of bedrock lithology
(e.g., Sharp, 1996). Reactive minerals, such as sulfides and
carbonates which are often present in trace quantities (⬍0.1%)
in the bedrock, have a dominant role in the rock-water interactions which occur, so determining the chemical composition
of the meltwaters (Tranter et al., 1993). This assertion is consistent with experimental studies on freshly ground granites (as
found in subglacial environments), which demonstrate that
calcite weathering predominates over silicate weathering for
the first 1000 h, even when CaCO3 comprises as little as 0.03%
of the bedrock (White et al., 1999).
Earlier studies of chemical weathering in subglacial environments assumed that atmospheric CO2 has a major role in
supplying protons for weathering reactions (Gibbs and Kump,
1994; Sharp et al., 1995; Hodson et al., 2000). However, recent
work on ␦18O-SO42⫺ in runoff from Haut Glacier d’Arolla,
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where active subglacial crushing and grinding of bedrock continually renew the supply of trace mineral components of bedrock
and generate ultra-fine particles with damaged surfaces that are
highly reactive (Blum and Erel, 1995; Anderson et al., 1997, 2000;
Brantley et al., 1998). The experiments were therefore performed
using silt and clay sized sediment (⬍63 m). Pure, powdered
reagent-grade calcium carbonate (hereafter CaCO3) and carbonate-rich subglacially derived sediments from John Evans Glacier,
Ellesmere Island, Canada were used to compare and contrast the
behavior of synthetic and natural carbonate. The experiments were
carried out under both closed and open system conditions. Closed
system experiments were conducted in water filled sealed bottles
that prevented any exchange with the atmosphere. Open system
experiments had free access to the atmosphere throughout. Effectively, the closed system conditions provide a measure of the
isotopic fractionation associated with carbonate hydrolysis (Eqn.
1), whereas the open system conditions provide information on
additional isotopic fractionation effects due to carbonate dissolution driven by the ingress of atmospheric CO2 (Eqns. 2 and 3).
Carbonate hydrolysis
2⫹
⫺
⫺
CaCO3共s兲 ⫹ H2O共l兲 3 Ca共aq兲
⫹ HCO3共aq兲
⫹ OH共aq兲

(1)

Carbonate dissolution driven by the carbonation reaction
⫹
CO2共g兲 ⫹ H2O共l兲 7 H2CO3共aq兲 7 H共aq兲
⫹ HCO3⫺

(2)

⫹
2⫹
⫺
7 Ca共aq兲
⫹ HCO3共aq兲
CaCO3共s兲 ⫹ H共aq兲

(3)

1.1. Isotopic Fractionation and Carbonate Equilibria
The PCO2 (which reflects the partial pressure of CO2 in a
hypothetical atmosphere with which the waters are in equilibrium)
of glacial meltwaters frequently indicates that chemical equilibration of DIC with the atmosphere has not been achieved, and that
physical or kinetic barriers have limited CO2 exchange with the
atmosphere (Fairchild et al., 1994). Isotopic exchange of 13CO2
and 12CO2 occurs concurrently with CO2 exchange. However,
isotopic equilibrium is often not achieved as quickly as chemical
equilibrium (Szaran, 1997). So, it is reasonable to infer that glacial
meltwaters that are not in chemical equilibrium with atmospheric
PCO2 may not be in isotopic equilibrium with the atmosphere. It
follows that an understanding of reaction rates in the DIC-carbonate system and the associated kinetic and equilibrium isotopic
fractionations is important to interpret the ␦13C-DIC of glacial
meltwaters.
1.1.1. Chemical Equilibria in the Carbonate System
Carbonate equilibria can be described using the following
equations (Stumm and Morgan, 1996):
CO2共g兲 7 CO2共aq兲

(a)

CO2共aq兲 ⫹ H2O共l兲 7 H2CO3共aq兲

(b)

⫹
⫺
H2CO3共aq兲 7 H共aq兲
⫹ HCO3共aq兲

(c)

⫺
⫹
2⫺
7 H共aq兲
⫹ CO3共aq兲
HCO3共aq兲

(d)

The slowest component of this set of reactions is the gas
transfer reaction a, (Dreybrodt et al., 1996). This reaction is
frequently slower than other reactions that produce or consume

CO2 in the aqueous phase, such as calcite dissolution and
precipitation (Stumm and Morgan, 1996). Reaction b is reported to equilibrate on the order of 20 –200 s (following Mills
and Urey, 1940) in stirred solutions. Reactions c and d are
reported to equilibrate on the order of seconds (Stumm and
Morgan, 1996). The majority of DIC at the pH of glacial
waters, typically pH 6 –9 (Raiswell, 1984), is as HCO3⫺ and
thus the isotopic fractionation between CO2 (g) and HCO3⫺
(HCO3-g) is of greatest interest to this study.
1.1.2. Equilibrium Isotope Fractionations in the Carbonate
System
Some glacial waters are in chemical equilibrium with the
atmosphere as indicated by a PCO2 of 10⫺3.5 atm at sea level
and thus, may also be in isotopic equilibrium. There are equilibrium isotopic fractionations for all stages of the dissolution
and dissociation of CO2 in solution, assuming that isotopic
equilibrium has been achieved. However, it is the slower reactions that are likely to cause nonequilibrium fractionation effects (Equations a and b, section 1.1.1.). Equilibrium constants
relating the ␦13C fractionations for the reactions CO2 (g)-CO2
⫺
2⫺
(aq), CO2 (g)-HCO3
(aq) and CO2 (g)-CO3
(aq) have been
determined experimentally (e.g., Deines et al., 1974) resulting
in the fractionation factors (g-s), (HCO3-g) and (CO3-g) respectively. These fractionation factors are temperature dependent, being greatest at 0°C, which is the approximate temperature for geochemical reactions in subglacial environments.
Fractionation occurs during the hydration stage of the reaction
CO2 (g)-HCO3⫺ (aq) (Eqn. b) (Zhang et al., 1995) and has been
determined experimentally by numerous workers (Deuser and
Degens, 1967; Wendt, 1968; Mook et al., 1974; Zhang et al.,
1995; Szaran, 1997). HCO3-g at isotopic equilibrium has been
measured as 10.2‰ at 5°C (Mook et al., 1974; Zhang et al.,
1995), which agrees well with the determinations of 9.7‰ and
9.9‰ at 7°C, Wendt (1968) and Szaran (1997) respectively.
Deuser and Degens (1967) present a value for HCO3-g that is
1.5‰ less than the other studies at 5°C and is therefore ignored.
The experiments in this study were carried out at 5°C and an
equilibrium HCO3-g value of 10.2‰ was used in all calculations.
1.1.3. Kinetic Fractionations in the Carbonate System
Kinetic fractionation processes occur before isotopic equilibrium is achieved in the DIC system. Kinetic fractionation
factors for these processes have been determined experimentally. Vogel et al. (1970) and Zhang et al. (1995) demonstrate
a kinetic fractionation of CO2 (k), in the initial stages of CO2
transfer across the gas-water interface. At 5°C, k is ⫺1.0‰.
This is in addition to g-s and presumably is carried through to
the HCO3⫺ phase during CO2 hydration. Szaran (1997) reveals
another kinetic fractionation effect. HCO3-g is significantly
reduced from the equilibrium value in the initial stages of the
equilibration between CO2 (g) and HCO3⫺ (aq) (e.g., after 1 h it
is 2‰ compared to 9.9‰ at equilibrium). HCO3-g increases
through time, rapidly at first, slowing as it approaches the
equilibrium value. Isotopic equilibrium is achieved in ⬃ 13 h
for an unstirred solution at 7°C. Stirring the solution reduces
equilibration time to ⬃ 1.8 h (Szaran, 1997). Temperatures in
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subglacial environments would be lower (0°C), so longer equilibration times would be expected due to the lower energy of the
molecules in the solution. Hence, it seems reasonable to anticipate that HCO3-g will be lower than the equilibrium value in
the initial stages of carbonate weathering in the subglacial
environment.
2. MATERIALS AND METHODS
Initial experiments using reagent-grade powdered calcium carbonate
(CaCO3) with concentrations in the range (0.01–10 g L⫺1) demonstrated that the shaken solutions remained in chemical equilibrium with
the overlying atmosphere at concentrations ⬍ 0.1 g L⫺1 (Sharp, unpublished data). At concentrations ⬎ 0.1 g L⫺1, the solutions initially
exhibited low PCO2 values, returning to equilibrium on a timescale of
days. At concentrations ⬎ 0.5 g L⫺1, the variability in the saturation
index for calcite (SIcc) and PCO2 through time was independent of
sediment concentration. Hence, sediment concentrations of 0.01 g L⫺1
and 5 g L⫺1 were chosen to examine the isotopic behavior of carbonate
dissolution in systems with both equilibrium and disequilibrium PCO2
values. These values also cover the range of suspended sediment
concentrations observed in the field in Arctic (John Evans Glacier,
Ellesmere Island, Canada), and Alpine (Haut Glacier d’Arolla, Switzerland), catchments (Brown et al., 1994; Skidmore, 1995).
Three sets of weathering experiments were undertaken using glacially derived suspended sediment from John Evans Glacier, at concentrations of 5 g L⫺1 (both open and closed system conditions) and
0.01 g L⫺1 (open system conditions only). The sediment was sampled
in the proglacial area from overbank fines deposited by active subglacial stream outlets. The dominant minerals are calcite, dolomite and
gypsum, determined using X-ray diffraction. Three parallel sets of
experiments were performed under the same conditions as for the
glacial sediment using reagent-grade powdered CaCO3 (Fisher Chemicals). Grain size analysis of the ⬍ 300 m fraction of sediment from
debris-rich basal ice at John Evans Glacier revealed only grains ⬍ 50
m. The analysis was performed using a Sedigraph (Micromeritics
5100) with solutions presaturated with respect to calcite and dolomite
to prevent dissolution of finer grain sizes during measurement (Fairchild et al., 1999). Therefore, the ⬍ 63 m fraction of CaCO3 and
glacial sediment was used in the weathering experiments to simulate
conditions analogous to those at the glacier bed. All powders (both
sediment and CaCO3) were combusted overnight at 550°C to remove
any organic carbon and to sterilize the samples. The polypropylene
bottles used in the experiments were triple rinsed with 0.2 m filtered
deionized water and filled brim full (c. 300 mL), capped and placed in
the fridge to cool to ambient temperature, ⬃5°C. A small air bubble (⬃
3 cm3), remained in the bottle head space in the closed system experiments. 50 mL was decanted from the bottles (leaving 250 mL) to
prevent spillage during gyratory shaking for the open system experiments, and the bottles remained uncapped throughout these experiments. Sediment weights were adjusted between open and closed
system experiments to account for the difference in water volumes,
providing a final concentration of 5 g L⫺1 in both. Ten bottles were
prepared for each set of experiments, one for each time step (0.017,
0.033, 0.08, 0.17, 0.33, 1, 2, 6, 24, 168 h). The sediment was added to
the bottles, which were placed in the fridge and shaken at 200 rpm in
a gyratory shaker. After the requisite time had elapsed, samples were
collected and immediately vacuum filtered through 0.45 m cellulose
nitrate filter membranes. The pH of the filtrate was measured immediately after filtration using an Orion 290A pH meter fitted with a Ross
Sure-flow pH electrode, calibrated using Orion low ionic strength
buffers. Filtered samples were transferred into 20 mL polypropylene
vials for cation and anion analysis, and into either autoclaved 45 mL
EPA vials or autoclaved 120 mL serum bottles for ␦13C-DIC analysis.
All samples were stored at 4°C before analysis. Major anion (CL⫺,
NO3⫺ and SO42⫺) and cation (Na⫹, K⫹, Mg2⫹ and Ca2⫹) concentrations were determined by ion chromatography (Skidmore and Sharp,
1999). Alkalinity was determined by charge balance (alkalinity ⫽ sum
of cations (⌺⫹) ⫺ sum of anions (⌺⫺)) from the ion chromatography
results. DIC speciation, PCO2 and saturation indices for calcite (SIcc)
and dolomite (SIdol) were computed using PHREEQC (Parkhurst and
Appelo, 1999).
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Water samples for ␦13C-DIC analysis were withdrawn from the
collection vessels using needles and syringes, displacing the water with
He gas to minimize any potential CO2 exchange with the atmosphere.
The sample was injected into preevacuated reaction vessels containing
1–5 mL 100% H3PO4, depending on sample size. Injection volumes of
water varied from 7 to 125 mL, depending on DIC concentration. The
evolved head space gas from the reaction vessel was injected into an
HP Series II 5890 gas chromatograph for gas separation and passed
through a Mat Combustion Interface. The purified and dehumidified
CO2 was directed to a Finigan Mat 252 mass spectrometer for isotope
ratio measurement. The head space gas was injected at least twice for
the majority of samples to check sample reproducibility. Internal precision was ⫾ 0.5‰. Fridge air was sampled using serum bottles that
were left open in the fridge for 24 h. The bottles were then sealed and
the ␦13C of CO2 was analyzed using GC-IRMS as above.
The ␦13C of carbonate in the ⬍ 63 m glacial sediment and CaCO3
(Fisher Chemicals) was determined as follows. Weighed, powdered
samples were reacted under vacuum with 100% H3PO4 to liberate CO2
from carbonate minerals present in the sample (McCrea, 1950). The
isotope ratio of the CO2 was determined on a Finigan Mat 252 Mass
Spectrometer. Standard correction procedures were used (Craig, 1957)
and the results are reported relative to the V-PDB standard. Duplicate
analyses were undertaken for all samples, following the full analytical
procedure using separate reaction vessels for each aliquot. The range
between duplicates was 0.1‰.
3. RESULTS AND DISCUSSION

3.1. Geochemical Properties
The CaCO3 experiments present the simplest case for observing the isotopic changes during carbonate weathering, since
a) only calcium and DIC are present in solution, and b) there is
likely limited variability between the sample aliquots for successive time steps due to the relative homogeneity of the
synthetic CaCO3. By contrast, the sediment experiments use
natural, glacially ground material that contains a mixture of
calcite, dolomite and gypsum with greater heterogeneity in
carbonate content, carbonate mineralogy and grain size distribution. The geochemical evolution of the waters is therefore
more complex, and there is potentially more sample variability
between time steps. The temporal variations in geochemical
properties (alkalinity, PCO2, SIcc, SIdol, and Ca2⫹ and Mg2⫹
concentrations) during the weathering experiments are shown
in Figure 1. Only alkalinity and PCO2 are plotted for the 0.01 g
L⫺1 experiments.
3.1.1. The 5 g L⫺1 Closed System Experiments
The geochemical indices (alkalinity, PCO2 and SIcc) are
reasonably constant over time in the CaCO3 experiment (⬃220
Eq L⫺1, 10⫺6 atm and ⫺0.1 respectively) (Figs. 1a– c). These
values are consistent with theoretical predictions from PHREEQC for carbonate hydrolysis, indicating that only carbonate
hydrolysis has occurred in these experiments. These geochemical indices (and SIdol) also remain relatively constant after
0.06 h in the sediment experiments. However, the values differ
from those of the CaCO3 experiments (alkalinity ⬃ 420 Eq
L⫺1, PCO2 ⬃ 10⫺7 atm, SIcc and SIdol ⬃ ⫹ 0.6). The higher
alkalinity and the decreased PCO2 result from a combination of
calcite and dolomite hydrolysis in the sediment experiment.
290 Eq L⫺1 of alkalinity are produced during the first 0.017
h of which ⬃220 Eq L⫺1 is from calcite hydrolysis, the
remainder is from dolomite hydrolysis. Dolomite hydrolysis
continues until 0.06 h adding a further ⬃ 130 Eq L⫺1 of
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Fig. 1. “Free drift” weathering experiments. (a) Alkalinity vs. time (all experiments), (b) PCO2 vs. time (all experiments),
the fridge equilibrium PCO2 is based on an average of the 2–168 h values, where a steady state has been attained. (c) SIcc
and SIdol vs. time for 5 g L⫺1 experiments and (d) Ca2⫹ concentrations from calcite, dolomite and gypsum weathering in
the open system 5 g L⫺1 sediment experiment. The proportions of Ca2⫹ from dolomite and calcite are calculated as follows:
Calcite Ca2⫹ ⫽ Total Ca2⫹ ⫺ gypsum Ca2⫹ ⫺ dolomite Ca2⫹. Gypsum Ca2⫹: all SO42⫺ is assumed to arise from gypsum
dissolution producing an equivalent amount of Ca2⫹. Dolomite Ca2⫹: all Mg2⫹ is assumed to arise from dolomite
dissolution producing an equivalent amount of Ca2⫹. The remainder of the Ca2⫹ arises from calcite dissolution. Negative
values likely reflect calcite precipitation.

alkalinity. Thereafter, alkalinity is relatively constant. The lag
for dolomite hydrolysis relative to calcite hydrolysis is not
unexpected since Chou et al. (1989) demonstrate that dolomite
dissolution is approximately an order of magnitude slower than
calcite dissolution at pH 9 –9.5. Assuming that all sulfate is
from gypsum dissolution, this process contributes ⬃ 320 ⫾ 13
Eq L⫺1 of calcium and sulfate in all time steps in the 5 g L⫺1
sediment experiments. The higher SIcc values and SIdol ⬎ 0 in
the sediment experiment relative to the CaCO3 experiment are
due to a combination of calcite and dolomite hydrolysis and the
contribution of calcium from gypsum dissolution.
3.1.2. The 5 g L⫺1 Open System Experiments
The geochemical indices after 0.017 h in both the CaCO3 and
sediment experiments are close to their closed system counterparts. This indicates that carbonate hydrolysis is the initial
weathering process in the open system experiments. Thereafter,
changes in the geochemical indices reflect the effects of carbonate dissolution due to carbonate dissolution driven by the

influx of atmospheric CO2. CO2 ingress is relatively rapid
following carbonate hydrolysis in the CaCO3 experiments. As
a result, alkalinity and PCO2 increase, and SIcc decreases. The
system reaches a near steady state after 6 h that is slightly
undersaturated with respect to calcite in the CaCO3 experiments (Figs. 1a– c).
Chemical weathering processes in the sediment experiment
are less straightforward. Calcite hydrolysis and a degree of
dolomite hydrolysis occur initially, coupled with gypsum dissolution. The input of calcium and sulfate is relatively constant
in time steps 0.017– 6 h ⬃ 320 ⫾ 17 Eq L⫺1 (Fig. 1d) and is
almost identical in magnitude to that in the closed system
experiments. The amount of dolomite hydrolysis and degree of
supersaturation with respect to dolomite do not, however, approach those observed in the closed system experiments until
0.33 h have elapsed. Dolomite dissolution continues after this,
even though the solution is supersaturated with respect to
dolomite until 2 h have elapsed (Figs. 1c,d). Mass balance
calculations suggest that calcite precipitation starts 0.17 h after
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the start of the experiment and is at a maximum between 1 and
2 h as indicated by the negative Ca2⫹ values (Fig. 1d). SIcc is
⬎ 0.5 during this period which supports the notion of calcite
precipitation (Fig. 1c). PCO2 values are still far from equilibrium for significantly longer in the sediment experiment than in
the CaCO3 experiment (Fig. 1b).
3.1.3. The 0.01 g L⫺1 Open System Experiments
Carbonate hydrolysis produced at least an order of magnitude less alkalinity in the 0.01 g L⫺1 open system experiments
than the 5 g L⫺1 experiments. Only in the sediment experiment
did carbonate hydrolysis result in a reduction of PCO2 from
equilibrium for the first 0.06 h. Overall, the CaCO3 experiment
produced higher alkalinity than the sediment experiment.
3.2. Chemical and Isotope Equilibrium
The closed system 5 g L⫺1 weathering experiments both
produced low PCO2 values (⬍10⫺6 atm) at all time steps (Fig.
1b). The open system 5 g L⫺1 experiments initially produced
low PCO2 values similar to those in the closed system experiments (Fig. 1b). PCO2, however, returned to equilibrium with
the fridge atmosphere after 2 h (CaCO3) and 24 h (sediment).
Solutions were at, or near to, chemical equilibrium with the
fridge atmosphere throughout the 0.01 g L⫺1 experiments with
both CaCO3 and sediment (Fig. 1b).
The temporal variations in ␦13C-DIC for all the weathering
experiments are shown in Figures 2a– c. Bulk carbonate ␦13C
values were ⫺3.3‰ for CaCO3 and an average of ⫺2.15‰ for
the sediment (␦13C calcite ⫽ ⫺1.6‰ and ␦13C dolomite ⫽
⫺2.7‰). Fridge air had an average ␦13C-CO2 value of
⫺13.8‰. The corresponding equilibrium ␦13C-DIC value is
⫺3.6‰ at 5°C. A significant negative departure from the
equilibrium ␦13C values was evident at all time steps in the
closed system experiments with both CaCO3 and sediment
(Fig. 2a). The solution was close to chemical equilibrium after
only 1 h, and equilibrium was attained after 2 h in the open
system 5 g L⫺1 CaCO3 experiment (Fig. 1b). Isotope equilibrium was attained after ⬎ 6 h and ⬍ 24 h (Fig. 2b). The
solution approached chemical equilibrium after 6 h, but isotope
equilibrium was not achieved even after 168 h in the 5 g L⫺1
sediment experiment (Fig. 2b). Isotope equilibrium was almost
achieved after 24 h in both the 0.01 g L⫺1 CaCO3 and sediment
experiments (Fig. 2c). These results confirm that isotope equilibrium significantly lagged chemical equilibrium in the open
system experiments. Moreover, the 0.01 g L⫺1 experiments
demonstrate that significant departures from isotope equilibrium occurred even though there was no significant departure
from chemical equilibrium.
3.3. Isotopic Fractionation

Fig. 2. ␦13C-DIC vs. time in sediment and CaCO3 experiments, (a)
5 g L⫺1 closed system (b) 5 g L⫺1 open system and (c) 0.01 g L⫺1 open
system. The ␦13C of the CaCO3 and carbonate in the glacial sediments
(sediment) is noted. The ␦13C-DIC value in equilibrium with fridge air
of ⫺13.8‰ is calculated as ⫺3.6‰ at 5°C, using HCO3-g ⫽ 10.2‰
(Mook et al., 1974; Zhang et al., 1995).

Regardless of sediment concentration and open/closed system characteristics, there was an initial marked decrease in
␦13C-DIC values relative to the bulk carbonate in all experiments (Figs. 2a– c). Thereafter, the open system 0.01 g L⫺1 and
5 g L⫺1 experiments all showed broadly similar patterns of
change in ␦13C-DIC (Figs. 2b,c). ␦13C-DIC values became

increasingly negative over the subsequent 0.1–1 h, and then
progressively less negative until isotopic equilibrium was
reached after ⬃24 h in the CaCO3 experiments. The secondary
negative ␦13C shift was less prolonged and less pronounced for
the 0.01 g L⫺1 experiments. The ␦13C shift was greater for the
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glacial sediment than for the CaCO3 where sediment concentrations were the same.
The 24 and 168 h ␦13C-DIC values were extremely close,
⫺3.4 and ⫺3.5 respectively, in the 5 g L⫺1 CaCO3 experiment
under open system conditions. This was the only experiment in
which isotopic equilibrium was clearly attained (Fig. 2b). An
experimental equilibrium ␦13C-DIC value of ⫺3.45‰ (the
average of the 24 and 168 h values), yields an equilibrium
HCO3-g value of 10.35‰ at 5°C, given that the ␦13C of fridge
air was ⫺13.8‰. This HCO3-g value is close to the experimental value determined by Mook et al. (1974) and Zhang et al.
(1995) at 5°C (10.2‰). The 5 g L⫺1 sediment experiment was
approaching isotopic equilibrium after 24 h (Fig. 2b), but the
continued addition of DIC from dissolution of carbonate (␦13C
⫽ ⫺2.2‰) up until 168 h likely accounts for the final ␦13CDIC value, which was heavier than that of experimental equilibrium (⬃ ⫺3.45‰) (Figs. 1a,d and 2b).
3.4. ␦13C Variations in Relation to Weathering Reactions
The closed system experiments provide a measure of the
isotopic fractionation associated with carbonate hydrolysis,
whereas the open system experiments provide information on
additional isotopic fractionation effects due to carbonate dissolution driven by the influx of atmospheric CO2.
3.4.1. Carbonate Hydrolysis
The DIC and PCO2 data demonstrate that carbonate hydrolysis is the main weathering reaction throughout the closed
system experiments, and in the first minute of the open system
5 g L⫺1 experiments (Figs. 1a,b). Carbonate is the dominant
source of DIC during carbonate hydrolysis (see Eqn. 1). However, the ␦13C-DIC is significantly lighter than that of the bulk
carbonate, suggesting a potential kinetic fractionation process
associated with carbonate hydrolysis (Fig. 2a). An initial negative ␦13C departure due to carbonate hydrolysis is also evident
in the open system experiments (Figs. 2b,c). The following
analysis predicts the ␦13C-DIC for the 5 g L⫺1 closed system
experiments assuming that there is no isotopic fractionation of
the carbonate. The results are compared to the measured values
to assess the magnitude of these kinetic fractionation processes.
DIC concentrations were determined for five time steps in
each closed system experiment using PHREEQC (Parkhurst
and Appelo, 1999) with measured ion concentrations and pH as
inputs. Eqn. 4 was used to predict ␦13C-DIC for the 5 g L⫺1
closed system experiments:

␦ DIC关DIC兴 ⫽ ␦ carb关DICcarb兴 ⫹ ␦ i关DICi兴 ⫹ ␦ atm关DICatm兴

(4)

where items in brackets indicate concentration in moles.
For the CaCO3 experiments, [DICcarb] ⫽ DIC from the
powdered carbonate, equal to [Ca2⫹] (see Eqn. 1), ␦carb ⫽
⫺3.3‰, and for the sediment experiments, [DICcarb] ⫽ DIC
from the carbonate sediment, equal to [Ca2⫹] ⫹ [Mg2⫹] ⫺
[SO42⫺ ] since dolomite, calcite and gypsum are present in the
sediment. And ␦carb ⫽ ⫺2.15‰. The noncarbonate (atmospheric) DIC has been split into two components: (1) [DICi] ⫽
initial DIC of the solution before addition of the sediment. Pure
water in equilibrium with atmospheric PCO2 (10⫺3.5 atm) has
a [DIC] of 27 M. This value is assumed to be constant; and (2)

Fig. 3. Predicted ␦13C-DIC values vs.. measured values for the 5 g
L⫺1 closed system experiments. The difference between the predicted
and measured values is due to kinetic isotopic fractionation, which has
a greater effect on ␦13C-DIC for the glacial sediment compared to the
CaCO3.

␦i ⫽ ⫺3.6‰, the ␦13C-DIC value in equilibrium with the
laboratory air. [DICatm] ⫽ DIC from influxing CO2 in the head
space of the bottle. The amount of influxing CO2 is limited to
⬃30 M, since the head space air was ⬃ 3 cm3 in the closed
system bottles and 1 cm3 air contains ⬃ 10 M CO2. On
average, 27 M CO2 dissolves into solution indicating that
there is almost quantitative mass transfer of CO2 from the head
space to the solution. Therefore, the ␦13C-DIC from the influxing CO2 will be that of the head space (laboratory air ⫽
⫺13.8‰) without any fractionation: ␦atm ⫽ ⫺13.8‰.
The predicted average ␦13C-DIC without any kinetic isotopic
fractionation is ⫺5.0‰ ⫾ 0.2 for the closed system 5 g L⫺1
CaCO3 experiments. The measured isotopic values are on average ⬃ ⫺5.3‰ lighter, at ⫺10.3‰ (Fig. 3). The predicted
average is only ⫺6.6‰ ⫾ 0.2, even if the initial ␦13C-DIC (␦i)
is assumed to be ⫺13.8‰, i.e., not in isotopic equilibrium with
the laboratory air. This is still 4.2‰ heavier than the measured
values. The predicted average ␦13C-DIC with no kinetic isotopic fractionation is ⫺3.8‰ for the closed system 5 g L⫺1
sediment experiments. This is significantly heavier than the
average measured value of ⫺16.1‰ (Fig. 3). These results
suggest kinetic fractionation processes are occurring during
carbonate hydrolysis. It seems most likely that the kinetic
fractionation is associated with the carbonate since it is the
dominant DIC source. However, the atmospheric contribution
to DIC may also be isotopically light.
The following analysis evaluates the isotopic composition of
the initial atmospheric CO2 component (␦i) if it, rather than the
carbonate is the source of the isotopically light ␦13C-DIC. ␦i
and ␦carb are the two potential sources of the isotopically light
carbon in the closed system 5 g L⫺1 sediment and CaCO3
experiments since [DICatm] and ␦atm are both constant. Eqn. 4
can be rearranged and solved for ␦i assuming a value for ␦carb,
or for ␦carb, assuming a value for ␦i. The two end member
scenarios are as follows. There is no kinetic fractionation of the
carbonate in Scenario 1 and ␦carb ⫽ the bulk carbonate value,
i.e., ␦i (the initial DIC component) is the sole source of the
isotopically light ␦13C-DIC. Kinetic fractionation of ␦carb is the
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Table 1. Predicted ␦i and ␦carb values for Scenarios 1 and 2 during
carbonate hydrolysis (see text for additional details).
Scenario

Experiment

␦carb
(‰)

␦i predicted
(‰)

1: No kinetic fractionation
is associated with
the carbonate

CaCO3
Sediment

⫺3.3
⫺2.15

⫺37.2
⫺56.5

␦carb predicted

␦i

⫺11.1
⫺19.6

⫺3.6
⫺3.6

2: The carbonate is the
sole source of any
kinetic fractionation
effect

CaCO3
Sediment

sole source of the isotopically light ␦13C-DIC in Scenario 2,
with ␦i ⫽ ⫺3.6‰, the initial DIC component in equilibrium
with the fridge atmosphere. The predicted values for ␦i range
from ⫺37.2 to ⫺56.5‰ in Scenario 1 and for ␦carb they range
from ⫺11.1 to ⫺19.6‰ in Scenario 2 (Table 1).
The DIC in the water initially in equilibrium with the laboratory atmosphere is unlikely to be the source of the isotopically light carbon for two reasons. First, it is difficult to envisage a scenario where the laboratory deionized water would
contain DIC as isotopically depleted as ⫺56.5‰ (Table 1).
Such light isotopic values for DIC have not been reported in the
literature. Second, the CaCO3 and sediment experiments were
undertaken within the same week, and thus significant variability in the ␦13C-DIC (⫺37.2 to ⫺56.5‰) in the water supply
would be required between the two experiments. Physically, it
is more plausible that the carbonate is the source of the light
carbon and it is also the largest component of the DIC budget,
especially in the sediment experiments. The small grain size
(⬍63 m) of the CaCO3 and sediment creates a large surface
area and thus, a large number of potential reaction sites, which
provides an explanation for the kinetic fractionation process.
Ca12CO3 weathers preferentially with respect to Ca13CO3,
since less energy is required to break the molecular bonds of
Ca12CO3. This kinetically selective process is significant in
these experiments, due to the abundance of reaction sites and
the rapidity of the weathering. A kinetic fractionation factor
(hereafter carb) associated with this process can be determined
for each experiment assuming that all the fractionation is associated with the carbonate DIC component (Scenario 2
above). Average ␦carb values of ⫺11.1‰ (CaCO3) and
⫺19.6‰ (sediment) were calculated such that the predicted
values equal the measured ␦13C-DIC values (Table 1). carb is
defined as the difference between the calculated ␦carb value and
the ␦13C of the bulk carbonate. Average carb values are
⫺7.8‰ for the CaCO3 experiment and ⫺17.4‰ for the sediment experiment.
The kinetic fractionation process is likely to be proportional
to reactive surface area. The magnitude of carb would then be
controlled primarily by the physical properties of the sediment,
e.g., grain size and fracture properties. A smaller mean grain
size increases the number of reaction sites and thus increases
the potential for kinetic fractionation. carb is significantly
greater for the sediment than for the CaCO3, despite the carbonate concentration being slightly higher in the CaCO3 experiment (there is a noncarbonate component to the sediment).
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The grain size distribution of ⬍ 63 m fraction of subglacial
stream sediments used in the experiment is unknown. However,
the grain size distribution of the subglacial basal sediments,
which are the source for the subglacial stream suspended sediments has been determined. 20% of the ⬍ 63 m fraction of
John Evans Glacier basal sediments is in the ⬍ 3m size
fraction and 65% of the ⬍ 63 m fraction is in the size fraction
3–15.6 m demonstrating a bias towards the finer size fractions. Grain size data are not available for the CaCO3, but a
smaller grain size and greater reactive surface area in the
glacial sediments would account for the larger fractionation
factor. Abrasion features, such as strained/shattered crystal
lattices and fresh mineral surfaces caused by subglacial grinding of the sediments also enhance potential reaction sites
(Anderson et al., 1997) and thus the propensity for kinetic
fractionation processes with the glacial sediments. It is possible
that part of the larger fractionation factor in the glacial sediments may be attributable to differences in bulk carbonate ␦13C
with grain size. If the ␦13C of the bulk carbonate in the finer
fractions (e.g., ⬍ 3m) which will be the most readily dissolvable, is significantly isotopically lighter than that of the bulk
carbonate (⬍63 m) then the “actual” fractionation factor
would be lower than the calculated value of ⫺17.4‰. Thus, it
is noted that the fractionation factor for the sediment is a
maximum value and that it may possibly be a little closer to that
from the CaCO3 experiment.
3.4.2. Carbonation of Carbonates
Carbonate hydrolysis is the dominant weathering process in
the first minute of the 5 g L⫺1 open system experiments with
sediment and CaCO3, thus, it is reasonable to assume that the
0.017 h ␦13C-DIC values in these experiments also reflect
kinetic isotopic fractionation. Carbonate dissolution driven by
the influx of atmospheric CO2 is the dominant weathering
process following carbonate hydrolysis, and is accompanied by
a decline in ␦13C-DIC values. These ␦13C-DIC values remain
low until 6 h (Fig. 2b). The subsequent analysis assesses
whether this decline may simply reflect input of isotopically
light CO2 from the fridge atmosphere (⫺14.8‰) by predicting
the ␦13C-DIC for the period 0.017– 6 h in the 5 g L⫺1 CaCO3
experiment. The approach follows section 3.4.1 (Eqn. 4), with
the following modifications. A ⫺1‰ kinetic fractionation
across the gas-water interface (Zhang et al., 1995) is included
as there is free access to the overlying atmosphere in the open
system experiments. Hence, the ␦13C of the atmospheric CO2
dissolving into solution (␦atm) is ⫺14.8‰. HCO3-g ⫽ 0‰,
since the system is clearly far from chemical (and isotopic)
equilibrium.
The predictive analysis focuses on the simpler CaCO3 system, since a) there is potentially less variability in carbonate
content and grain size relative to the sediment and b) there is no
evidence of calcite precipitation, which complicates the interpretation of the isotopic data. Values for DIC were produced
with PHREEQC, using values for pH and alkalinity derived
from hyperbolic tangent curve fits to the measured data. Two
scenarios were investigated. No kinetic fractionation was assumed in Scenario 1 and ␦carb ⫽ ⫺3.3‰. Kinetic fractionation
was assumed in Scenario 2 and ␦carb ⫽ ⫺11.1‰, the average
value from the closed system experiments (section 3.4.1).
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4. CONCLUSIONS

Fig. 4. Predicted and measured ␦13C-DIC values vs. time for the first
6 h of CaCO3 5 g L⫺1 weathering experiments. ␦13C-DIC from CO2
dissolution ⫽ ⫺14.8‰ (fridge CO2 ⫽ ⫺13.8‰, ⫹ k ⫽ ⫺1‰). Error
bars are ⫾0.5‰.

The predicted ␦13C-DIC values which incorporate kinetic
fractionation provide a good fit to the experimental data for the
first 6 h whereas the values without kinetic fractionation are ⬃
4‰ heavier than the measured values (Fig. 4). These results
suggest two important conclusions regarding carbon isotope
behavior during the initial 6 h of carbonate dissolution driven
by the influx of atmospheric CO2. First, the magnitude of
kinetic isotopic fractionation is similar to that observed during
carbonate hydrolysis. Second, there is no equilibrium fractionation of the influxing atmospheric CO2. A minor caveat is that
the 6 h value is slightly heavier (1.6‰) than predicted. This
may reflect one, or a combination of, the following two processes. First, the impact of kinetic isotopic fractionation on
␦carb will decline through time as continued dissolution of the
sediment produces increasingly heavy ␦13C values, since there
must be conservation of isotope mass balance. Second, as rates
of CO2 ingress decrease a degree of equilibrium isotopic fractionation may be occurring such that HCO3-g ⬎ 0‰. Rates of
C input from both the atmosphere and rock are significantly
reduced in the period 2– 6 h, compared to the initial phase of the
experiment (Fig. 1a), suggesting that kinetic processes and their
isotopic effects are likely to be declining in importance.
3.5. Effect of Carbonate Concentration on Kinetic
Isotopic Fractionation
The carbonate concentration of the sediment is a key variable
in determining ␦13C-DIC variations. At low sediment (and
carbonate) concentrations (ⱕ0.01 g L⫺1), the magnitude of
carb is initially the same as at higher carbonate concentrations
(Figs. 2b,c). However, kinetic isotopic fractionation is controlled by reactive surface area and thus it can only persist for
a short time at low sediment concentrations, since “whole rock”
dissolution will dominate more quickly than at higher concentrations and produce ␦13C-DIC values similar to the bulk rock
value. This is evident in the 0.01 g L⫺1 experiments Figure 2c,
where the return to isotopic equilibrium following carbonate
hydrolysis occurs earlier than in the equivalent 5 g L⫺1 experiment (Fig. 2b).

1. The weathering experiments demonstrate a previously
unknown kinetic isotopic fractionation process that occurs during the initial stages of carbonate weathering. Kinetic isotopic
fractionation occurs during carbonate hydrolysis and persists
for at least the first 6 h of carbonate dissolution driven by the
influx of atmospheric CO2. Kinetic isotopic fractionation is
determined by reactive surface area, and the magnitude of carb
associated with this process is controlled primarily by the
physical properties of the sediment (e.g., grain size and fracture
properties). carb may be as high as ⫺17.4‰ for the initial
stages of weathering of carbonate-rich glacial sediments.
Therefore, in natural environments where rock:water contact
times are short ⬍ 6 –24 h (e.g., glacial systems, headwaters in
fluvial catchments) and there is excess carbonate in the sediments, kinetic fractionation processes will likely dominate the
␦13C-DIC signal. Hence, in these types of environment it will
be difficult to apply conventional isotope mass balance techniques to identify microbial CO2 signatures in DIC from ␦13CDIC data.
2. PCO2 equilibrium occurs significantly faster than isotopic
equilibrium in all the open system weathering experiments,
regardless of carbonate concentration. Thus, PCO2 values may
be only a coarse guide to isotopic equilibrium conditions.
Equilibrium isotopic fractionation between the influxing CO2
and HCO3⫺ does not occur for at least the first 6 h of the
carbonation reaction, such that HCO3-g ⬃ 0 during this time.
This is considerably longer than previously reported, e.g., Szaran (1997), albeit under slightly different initial experimental
conditions.
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